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The high-latitude ice/snow-albedo feedback is a principal element in many paleoclimate theories and
global warming scenarios. The strength of this feedback is determined by the ice/snow effects on the top-of-atmosphere (TOA) albedo, which is also strongly affected by clouds. Using currently available satellite observations,
we estimate the radiative effectiveness (RE) of ice and snow with regards to the TOA albedo, which we define as
the change in the TOA albedo corresponding to changes of 0% to 100% in the ice or snow cover. The REs of the
northern hemisphere (NH) sea ice, land snow, and southern hemisphere (SH) sea ice are found to be 0.22, 0.23
and 0.16, respectively. This means that, for an incident solar flux of about 400 W m–2 reaching the TOA in the
polar latitudes in summer, local reduction in ice/snow concentrations from 100% to 0% will result in a decrease
in reflected short wave radiation of approximately 80 W m–2. These changes in the TOA albedo are significant, yet
smaller than the associated changes in the surface albedo. Comparison of the TOA albedo values with available surface albedo observations helps to identify the role of clouds in the RE of ice/snow. The analysis is based on the whole
time-space domain where the sea ice and land snow appear, and reveals a remarkable similarity in the ice and snow
RE in the areas with high sea-ice and land-snow cover variability, despite the varying nature of the surface cover,
seasonality, and locations. These estimates provide a useful constraint to test current climate models.
ABSTRACT

[Traduit par la rédaction] La rétroaction de l’albédo de la glace/neige dans les hautes latitudes est un
élément principal dans plusieurs théories paléoclimatiques et scénarios de réchauffement de la planète. La force de
cette rétroaction est déterminée par les effets de la glace/neige sur l’albédo du sommet de l’atmosphère, qui est aussi
fortement influencé par les nuages. À l’aide des observations satellitaires présentement disponibles, nous estimons
l’efficacité radiative de la glace et de la neige en relation avec l’albédo du sommet de l’atmosphère, efficacité définie
comme le changement d’albédo au sommet de l’atmosphère correspondant à un changement de 0 % à 100 % dans
la couverture de glace ou de neige. Nous trouvons que l’efficacité radiative de la glace de mer et de la neige au sol
dans l’hémisphère Nord et de la glace de mer dans l’hémisphère Sud est de 0,22, 0,23 et 0,16, respectivement. Ceci
signifie que pour un flux solaire incident d’environ 400 W m-2 au sommet de l’atmosphère dans les latitudes polaires
en été, une réduction locale de la concentration de glace/neige de 100 % à 0 % entraînera une diminution du
rayonnement de courtes longueurs d’onde réfléchi d’environ 80 W m-2. Ces changements dans l’albédo du sommet
de l’atmosphère sont importants, bien qu’ils soient plus petits que les changements correspondants dans l’albédo de
la surface. La comparaison des valeurs d’albédo du sommet de l’atmosphère avec les observations d’albédo de la
surface disponibles aide à déterminer le rôle des nuages dans l’efficacité radiative de la glace/neige. L’analyse est
basée sur tout le domaine temps-espace dans lequel il y a de la glace de mer et de la neige au sol et révèle une similitude remarquable dans l’efficacité radiative de la glace et de la neige dans les régions où la couverture de glace de
mer et de neige au sol varie grandement, malgré la nature variée de la couverture de surface, de la saisonnalité et des
endroits. Ces estimations fournissent une contrainte utile pour tester les modèles climatiques actuels.
RÉSUMÉ

1 Introduction
If the ice and snow cover expands, the Earth’s albedo will
increase, cooling the planet. The decreased temperature will
allow the ice and snow cover to expand further - a positive
feedback. This ice/snow-albedo feedback has long been at the
core of simplified paleoclimate models (Budyko, 1969;
Sellers, 1969; Gildor and Tziperman, 2000; Paillard, 2001)
and is an important element in the early theories of Croll
(1875) and Milankovitch (1941). General circulation model
and theoretical studies have shown that the ice-albedo feedback is a principal climate feedback, enhancing the onset of

the ice age driven by orbital forcing, as described by
Milankovitch’s theory (Khodri et al., 2005; Kukla and Gavin,
2003). Ice/snow-albedo feedback is also important for global
warming scenarios (IPCC, 2001). Groisman et al. (1994) have
proposed that the recent large increase in springtime surface
air temperature over high latitude land areas of the northern
hemisphere (NH) is associated with the snow-albedo feedback.
It should be noted that the amplified surface warming
(cooling) is also associated with other factors, in addition to
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the ice/snow-albedo feedback. For example, in a double CO2
simulation by Hall (2004), the warming occurs mainly during
the winter and fall and is related to an increased sensible heat
flux through the thinner ice. However, the thinning of winter
and fall ice is caused by increased absorption of solar radiation during summer and spring, which in turn is caused by a
decrease in the surface albedo due to ice melt. Thus, the icealbedo feedback can trigger other feedbacks affecting surface
temperatures both directly and indirectly.
The physics of the ice/snow albedo feedback are plausible
and straightforward. The contrast between bright ice or snow
and the darkness of the sea or land surface (especially if the
latter is vegetated) is obviously strong. However, it is the topof-atmosphere (TOA) albedo that is the most important for
cooling the planet, and other factors, such as clouds, might
confound the simple relationship between ice/snow cover and
TOA albedo. High latitudes are typically very cloudy, especially in maritime areas (e.g., Curry et al., 1996). One would
expect cloud cover to increase greatly the TOA albedo over
the open ocean, while making little difference over sea ice or
snow.
Clouds are not the only feature that might interfere with a
simple relationship between ice/snow cover and TOA albedo.
Surface characteristics such as snow properties, ice thickness
variations, presence of snow on top of sea ice, lead fraction,
and melt pond characteristics will all influence albedo (Curry
et al., 1995). By and large, these effects vary in the same manner with temperature as the ice/snow cover relationship. For
example, warmer temperatures favour the creation of melt
ponds, which reduce albedo. There are exceptions to this:
very cold temperatures will reduce snowfall, and without
freshly fallen snow, the albedo will decrease as the ice and
snow surfaces age.
The radiative effectiveness (RE) of snow or ice is defined
as the change in TOA albedo for an ice/snow concentration
change between 0% and 100% following Yamanouchi and
Charlock (1997) (hereinafter YC97). It is diminished by the
presence of clouds and altered by the ice/snow properties. The
purpose of this paper is to quantify the RE of sea ice and land
snow from observational data, notably the TOA albedo values
from the Earth Radiation Budget Experiment (ERBE). The
ERBE dataset is known to have large uncertainties in identifying clear-sky scenes over ice surfaces (Li and Leighton,
1991), precluding the use of the clear-sky datasets for the separation of the effects of sea ice and clouds on TOA albedo.
Still, robust estimates of RE were made here for all cloud
conditions. These estimates can be used to calibrate simple
climate models and to evaluate the strength of the ice/snow
albedo feedback in general circulation models (GCMs).
Despite its deficiencies, the ERBE dataset has the longest
continuous global record of the Earth’s radiation. It has been
applied to the study of the Earth’s radiation budget, and used
for model evaluation. Currently, new satellite data continuing
the ERBE mission are becoming available through the
National Aeronautics and Space Administration (NASA)
Earth Observing System (Wielicki et al., 1995, 1996); these

are derived using much improved algorithms, especially in
the polar regions (see Kato and Loeb, 2005). The RE estimates presented here provide the comparison baseline for
future work with this new dataset.
There have been few prior studies of ice/snow RE with
respect to the TOA albedo. Seasonal and interannual variations in the NH land-snow cover and their impact on the
radiative balance have been studied in detail by Groisman et
al. (1994) using data from ERBE. Their analysis will not be
repeated here. However, we do make snow cover RE estimates in order to compare them with the sea-ice RE values.
The only previous estimates of the TOA broadband albedo
sensitivity to sea-ice cover changes are available only for the
Southern Ocean for the months of October 1987, January
1988 and April 1988 using ERBE data (YC97). Kuang and
Yung (2000) and Lubin et al. (2003) presented results for the
effects of ice and snow on the ultraviolet reflectance.
Qu and Hall (2005) studied the contributions from the
atmosphere and the surface to planetary albedo for various
regions of the world, using data from the International
Satellite Cloud Climatology Project (ISCCP). The radiative
fluxes in the ISCCP dataset were calculated using a radiative
transfer model with specified clouds from the ISCCP, sea-ice
and snow cover data, and the vertical profiles of the atmospheric temperature, humidity, gases and aerosols. Qu and
Hall (2005) found that, although clouds significantly diminish
the surface contribution to the TOA albedo in the polar
regions, the variability of the TOA albedo is still controlled
by the surface albedo. Wang et al. (2004) proposed a parametrization of the planetary albedo and solar energy disposition
in the atmosphere for climate models. While their calculated
solar energy disposition was in agreement with observations
over most of the world, they emphasize the biases in both data
and simulations found in the polar regions. In the present
study, independent datasets are used to explore the relationship between the ice/snow cover and the TOA albedo.
The paper is structured as follows. Section 2 describes the
data. Section 3 presents the methodology and the results. The
conclusions and discussion are provided in Section 4.
2 Data
a TOA Albedo
The ERBE is a multi-satellite system designed to measure the
Earth’s radiation budget. The ERBE instruments flew on a midinclination NASA satellite (Earth Radiation Budget Satellite
(ERBS)) and two sun-synchronous National Oceanic and
Atmospheric Administration (NOAA) satellites (NOAA-9 and
NOAA-10). The ERBS has a latitudinal coverage between
67.5°N and 67.5°S, and the polar-orbiting NOAA satellites have
global coverage (Barkstrom et al., 1989; Barkstrom and Smith,
1986). The ERBS data are available from November 1984 to
February 1990 (64 months). The data from the NOAA-9 and/or
NOAA-10 satellites are available from February 1985 to May
1989 (52 months). In the ERBE dataset, the observed radiances
are converted to monthly TOA fluxes using scene-dependent
angular models and averaging over time and space (Barkstrom et
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al., 1989). We use spectrally integrated (over the 0.2–5.0 µm
band) monthly total-sky TOA albedo values from the ERBE
dataset with a spatial resolution of 2.5° × 2.5°
(http://charm.larc.nasa.gov/GUIDE/dataset_documents/erbe_s4
g.html).
Wielicki et al. (1995) report a global error of 5.5 W m–2 (or
1.6% of the incoming flux of 348 W m–2) for ERBE monthly
short wave (SW) radiation values. In the polar regions, the
errors are higher for a number of reasons. Firstly, ERBE has
limitations in defining clear-sky and cloudy scenes over
ice/snow surfaces (Li and Leighton, 1991). Secondly, using a
fixed climatological snow/ice boundary gives inaccurate seaice extent during some months (Li and Leighton, 1991; Smith
and Manalo-Smith, 1995). Thirdly, using a non-varying
ice/snow albedo equal to the value for winter fresh snow (Li,
1996; Wielicki and Greene, 1989) is inaccurate. Li and
Leighton (1991) compared SW radiation fluxes for a period
of four days in July 1985 using scene identification from both
ERBE and the Advanced Very High Resolution Radiometer
(AVHRR). Both instruments flew on the NOAA-9 platform;
the latter allows a more reliable cloud identification. They
showed good agreement between zonal mean total-sky fluxes, but large differences for clear-sky conditions (up to
50 W m–2). These uncertainties in clear-sky identification
over ice surfaces make separate analyses of the data for clearsky conditions and cloudy-sky conditions unreliable. Hence,
only total-sky analyses are presented here.
Sampling during specific times of the day can produce biases
in the diurnal average values, largely due to the diurnal cycle in
cloud cover. Duvel et al. (2000) analysed these biases by comparing the SW flux estimates in the Southern Ocean during
December 1986 derived from the NOAA-9 satellite to those
derived from combining data from the three satellites (ERBS,
NOAA-9 and –10), which provide a higher accuracy product.
The differences between the retrievals from the single satellite
and from the combination of satellites were, on average, from –3
to 3 W m–2, reaching 10 W m–2 in certain regions. Given the
incoming SW flux of approximately 450 W m–2 during the summer at polar latitudes, the difference in albedo is about ±0.7%,
reaching 2% in certain regions. Rieland and Raschke (1991)
demonstrated the possible errors due to the temporal integration
biases by comparing the ERBE (from the ERBS and two NOAA
satellites) and Meteosat (a geostationary satellite) fluxes derived
using ERBE time integration techniques in April 1985. They
found large differences in the monthly mean net radiation flux
over mid-latitude oceans for the ERBS and NOAA satellites (up
to 19 W m–2 and 15 W m–2, respectively, or 6% and 5% for an
incoming flux of ~300 W m–2 during spring at polar latitudes).
They attributed these biases to the diurnal cloud cycle, and found
that combining data from the two or three satellites decreases the
uncertainty (the ERBE dataset is based on the data from at least
two satellites from February 1985 to May 1989).
To summarize, the estimated errors for the TOA albedo are
1.6% for the global average, possibly reaching 6% in certain
regions at polar latitudes. These errors contribute to the scatter of the TOA albedo but are substantially smaller than the

changes in TOA albedo associated with seasonal variations in
sea-ice and land-snow concentrations (up to 20%).
b Sea-Ice and Land-Snow Concentrations
The ice or snow concentration in a grid box is characterized
by the monthly averages of the snow- or ice-covered area of
a grid box as a percentage of its entire area. These gridded
values are obtained by averaging the datasets of sea-ice concentration (SIC) and snow cover onto the 2.5° × 2.5° monthly grid used in the ERBE dataset.
The SICs are taken from the UK Met Office Hadley Centre’s
sea-ice and sea surface temperature (SST) dataset, HadISST1
(Rayner et al., 2003). The HadISST1 dataset replaces the Global
sea Ice and Sea Surface Temperature (GISST) datasets, and is a
unique combination of monthly globally complete fields of SST
and SIC on a 1 degree latitude-longitude grid from 1870 to the
current time (http://hadobs.metoffice.com/hadisst/index.html)
produced using information from ground-based and satellite
observations. We are using the satellite era part of the
HadISST1 dataset, in which the SIC data are derived from the
Special Sensor Microwave/Imager and the Scanning
Multichannel Microwave Radiometer data using the Team algorithm (Gloersen et al., 1992). The estimated error in monthly
averaged SIC derived from microwave radiances using the
Team algorithm is about 7%, increasing up to 11% during the
melt season (Gloersen et al., 1992). Cloud liquid water and
atmospheric water vapour lead to the overestimation of the firstyear ice concentrations, and underestimation of the multiyear
ice concentrations, derived from the microwave satellite observations (Oelke, 1997). Melting of snow on top of sea ice and ice
ponding can mask the presence of ice in microwave signatures
and cause underestimation of the SICs (http://nsidc.
org/data/docs/daac/nasateam/). The biases are greatly reduced
in the homogenization process used in the production of the
HadISST1 dataset: special corrections were applied using other
satellite and in situ SIC and extent data, including corrections
for the effects of surface melt water and wet snow on the passive microwave sensor signals (Rayner et al., 2003).
The NH snow cover data were obtained from the National
Snow and Ice Data Center (NSIDC) Weekly Snow Cover and
Sea Ice Extent dataset (http://nsidc.org/data/nsidc-0046.html).
The snow cover data are based on the NOAA-NSIDC weekly
snow charts, revised by Robinson using the Rutgers routine
(Robinson et al., 1993). The original dataset contained information about the presence (1) or absence (0) of snow in a given
week for each grid cell of the 25-km equal-area grid derived
from manual interpretations of NOAA satellite visible images
(Armstrong and Brodzik, 2001; Matson and Wiesnet, 1981;
Robinson et al., 1993). Snow was considered present (1) only if
the cell is at least 50% snow covered (Robinson et al., 1993).
We averaged the weekly snow presence information for each
month and linearly interpolated the data from the equal-area
grid onto the ERBE 2.5° × 2.5° grid. As a result of averaging,
we obtain snow concentrations from the original data on the
snow presence. Although NOAA satellite data are known to be
less accurate in areas with persistent cloud cover and/or heavy
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Fig. 1

Monthly mean TOA albedo (grey dots) against sea-ice concentrations (SIC) and land-snow concentrations (SC): (a) NH sea ice, (b) SH sea ice, and (c) NH
land snow. Included are data for all grid boxes where ice or snow was present for at least one month during the ERBE time period (64 months equatorward
and 52 months poleward of the polar circles, including at least 30 sunlit months poleward of the polar circles). Area-weighted TOA albedo averages for 0%,
100%, and each 10% bin of SIC/SC for all data (black dots), and for the seasons with extreme TOA albedo in each case. Winter (blue) is December–February
in the NH and June–August in the SH, summer (red) is June–August in the NH and December–February in the SH); fall (yellow) and spring (green) are
September–November and March–May respectively. The standard deviations for all data are shown as dashed lines. Thin magenta lines connect maximum
and minimum surface albedo values for the open ocean and sea ice, and for tundra and forest over land (sources cited in text).

forest (Scialdone and Robock, 1987; Wiesnet et al., 1987), they
are the longest available consistent records of large-scale variations in snow cover, and their accuracy was found to be adequate for climate-related studies at the continental scale
(Wiesnet et al., 1987).
3 Results
a TOA and Surface Albedo Versus Ice/Snow Concentrations
Figure 1 shows the monthly TOA albedo plotted against seaice and land-snow concentrations for every grid box where

ice/snow concentrations were non-zero during at least one
month of the ERBE time period (November 1984–February
1990). The area-weighted mean TOA albedo, corresponding
to values of 0%, 100%, and all 10% bins of ice/snow concentrations are shown along with standard deviations of these
subsamples. Two methods were used to estimate the RE of the
ice/snow cover with regards to the TOA albedo. The first
approach computes RE = albedo (100% ice/snow concentration) – albedo (0% ice/snow concentration). The second
approach follows YC97 and Groisman et al. (1994) and is
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based on the linear regression: albedo = RE * C + B, where C
is the ice/snow concentration, and B is the regression intercept. In this case RE is determined using the regression slope.
The two methods give very similar estimates for RE (see
Table l). The RE of the NH sea ice, land snow, and southern
hemisphere (SH) sea ice are found to be 0.22, 0.23, and 0.16,
respectively.
The scatter in the TOA albedo values over each SIC bin
(Fig. 1) is due to a variety of factors: effects of ice/snow properties, cloud cover, solar zenith angle, and errors in satellite
data. The errors in the ice/snow concentration and albedo data
are substantially smaller than the changes in TOA albedo
associated with seasonal variations in sea-ice and land-snow
concentrations (up to 20%). Persistent low clouds, typical for
the polar regions, significantly diminish the surface albedo
dependence on the solar zenith angle as they decrease the
amount of direct solar flux reaching the surface (Curry and
Webster, 1999). Here we present the comparison of TOA
albedo values with available surface albedo observations (as
a function of the solar zenith angle for the open ocean, vegetation for the land surface, and the ice/snow properties) to
identify the role of clouds in the RE of ice/snow.
The surface albedo of Arctic ice can be as low as 0.38 during the melt season and as high as 0.84 for ice covered with
dry snow (Curry et al., 2001). The surface albedo of the
Southern Ocean sea ice varies from about 0.2 to 0.84 depending on the ice type and snow cover (Allison et al., 1993). The
open ocean surface albedo can increase from 0.03 for low
solar zenith angles to 0.27 for high solar zenith angles (Curry
and Webster, 1999). These surface albedo values define an
envelope of the surface albedo ranges shown by the magenta
lines in Figs 1a and 1b: the upper line represents
winter/fall/spring surface albedo, and the lower line represents the melt season.
Over land, vegetation has a substantial effect on surface
albedo, reducing the impact of snow cover on the TOA albedo. Liou (1992, Table 6.4) found surface albedo values of
~0.15 for summer tundra and ~0.1 for boreal forest. In winter,
surface albedo can range from 0.8 over the snow-covered
polar tundra to 0.36 over boreal forest (Robinson and Kukla,
1985). In Fig. 1c the magenta lines connect the summer (snow
free) and winter (snow covered) values of surface albedo over
tundra (upper line) and over boreal forest (lower line).
In all three panels of Fig. 1 the observed values of the TOA
albedo are above the range of the surface albedo at low
ice/snow concentrations and within the surface albedo range
at high ice/snow concentrations. This demonstrates the
important role of non-surface effects; i.e., the atmosphere and
clouds, in reducing the effects of the ice/snow surface cover
on TOA albedo values. While the solar zenith angle causes a
significant change in the open ocean surface albedo and vegetation greatly changes the land surface albedo, the effects of
clouds overwhelm these changes and increase the mean TOA
albedo over the open ocean/land above the maximum
observed ice-snow/free surface albedo. In contrast, over areas
with 100% ice/snow concentrations the combination of the

TABLE 1

Area-weighted averages (mean) of the TOA albedo and standard deviations (std) corresponding to 0% and 100% of seaice or land-snow concentrations (SIC or SC, respectively).
Radiative effectiveness (RE) of ice/snow was computed both
as the difference between the mean TOA albedo for the 100%
and 0% of SIC/SC (∆) and using linear regression (LR).
Correlation coefficients (r) between SIC/SC and TOA albedo
for all monthly data are listed in the last column.
TOA albedo

SIC or SC

NH sea ice
SH sea ice
NH land snow

0%

RE
100%

mean

std

mean

std

0.42
0.47
0.33

0.08
0.04
0.07

0.63
0.63
0.55

0.04
0.04
0.08

r

∆

LR

0.21
0.16
0.22

0.21
0.15
0.22

0.81
0.82
0.77

effects of the surface and clouds results in the mean TOA
albedo lying within the extreme surface albedo values. The
mean TOA albedo over the ice/snow cover is based on the
monthly values not only for different cloud conditions but
also for various ice/snow properties ranging from low albedo
values over ponded ice (or evergreen forest for the land snow)
to very high albedo values over fresh snow. The ability of
clouds to increase the TOA albedo even over the permanent
snow compared to the surface albedo (e.g., Kato and Loeb,
2005) has a smaller effect on the TOA albedo than the variations in the ice/snow properties.
b Seasonal Variability of the Ice/Snow RE
Because ice, snow, and cloud properties change during the
year, ice/snow RE is expected to have seasonal variability.
Seasonal changes in the mean TOA albedo occur over all
ice/snow concentrations, causing small variations in the RE
(Fig. 1). These TOA albedo changes are due to the changes in
the cloud and surface properties, and in the solar elevation
angle. Figures 1a and 1b show winter and summer TOA albedo values (blue and red curves) when the mean TOA albedo
is the highest and the lowest, respectively, over both the open
ocean and all SICs. In the cold season, the TOA albedo over
the open ocean is high due to low solar angles and likely also
due to frequent fog and convective cloud formation over the
warmer ocean surface (Klein and Hartmann, 1993). Fresh
snow increases the reflectance of sea ice, affecting the TOA
albedo over the ice-covered and sunlit areas. In summer,
ponded sea ice has a lower surface albedo, decreasing the
TOA albedo over areas with 100% SICs, while larger solar
angles decrease the open ocean albedo. At the same time,
higher storm activity in the Arctic increases cloudiness over
both the perennial sea ice of the central Arctic and the open
ocean. However, the increased cloudiness is not sufficient to
reverse the surface influence on the TOA albedo, which is
lowest in summer at all SICs (Fig. 1).
The highest (lowest) mean TOA albedo values over the NH
land were found in the fall (spring) regardless of the snow
concentrations (Fig. 1c, yellow and green curves). The high
fall TOA albedo values over the NH land for any snow
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concentration are probably related to the more frequent occurrence of fresh snow on the ground, while high albedo over
snow-free ground could be related to the increased temperature gradient and thus increased frequency and intensity of
cyclones associated with more clouds. In spring the snow
albedo is decreased due to warmer temperatures (see
Groisman et al., 1994). In summer, the RE of snow is not
important since there are very few locations in the north with
snow on the ground.
Table 2 shows seasonal and monthly variations of the RE
based on spatial changes of the ice/snow concentrations and the
TOA albedo. The RE is calculated as the linear regression coefficient. Within each season, there is monthly variation of RE.
However, when the RE is computed for the whole season, the
monthly variations are smoothed out (Table 2). Spring RE is
highest for both NH and SH ice, and for land snow, though the
difference between the spring RE and the RE for other seasons
is only significant for the SH sea ice. The smaller sea-ice RE
during winter months (November–January in the NH, and
May–June in the SH) is due to the smaller proportion of the icecovered area that is sunlit (mostly near the ice edge) compared
to the rest of the year. This reduces the effect of the ice on the
TOA albedo, while the TOA albedo over the open ocean is very
high. The weaker correlations between SIC and TOA albedo
during winter months are also caused by larger errors in satellite ice retrievals near the ice edge. These errors, to a large
extent, are due to more frequent cloudiness accompanying the
ocean-ice transition and lower sun angles in winter. These
months are indicated by asterisks in Table 2. Smaller correlation coefficients compared to the rest of the year are also found
between land-snow concentrations and the TOA albedo during
July–-August, when the snow on land has almost completely
melted (marked with asterisks in Table 2). For each season
except summer the land-snow RE is equal or close to the overall RE based on the whole time-space domain (0.22).
Our estimates of the SH sea-ice RE for October, January,
and April (0.18,0.13, and 0.14, respectively) obtained by linear regression for all years in the ERBE period, are close to
the YC97 estimates for October 1987, January 1988 and April
1988 (0.19, 0.13, and 0.12, respectively). The latter estimates
were calculated from Table 1 of YC97 as area weighted averages of zonal values excluding the lowest latitude values for
January and October, which YC97 considered to be an artefact. Comparing the area averaged values is suitable since
there are only small variations of SH ice RE with latitude as
noted by YC97 (and consistent with our results). We found
that summer RE values are similar to the fall and winter values, while austral spring RE is the highest (Table 2) consistent
with the YC97 findings based only on three months. Our
results based on the longer time series showed that seasonally averaged SH ice RE have only small variations for most of
the year, values in spring being slightly larger. Although ice
RE is maximum in spring in both hemispheres, both the pattern and the amplitude of the seasonal RE changes are different. During all seasons, the ice RE is higher in the NH
compared to the SH. Summer and fall ice RE in the NH is

TABLE 2.

Radiative effectiveness (RE) of the NH sea ice and land snow
and SH sea ice based on linear regression for each month and
season (seasonal RE is calculated using the data from all corresponding months and is in bold font). Asterisks denote the
months when a large fraction of the sea-ice area is not sunlit or
when land snow covers only small areas. For all these cases the
correlations between the TOA albedo and ice/snow correlations
are reduced compared to the rest of the year but still significant.

Time

NH ice

SH ice

Snow

Dec
Jan
Feb
DJF

0.10*
0.13*
0.18
0.16

0.14
0.13
0.15
0.13

0.15
0.22
0.20
0.19

Mar
Apr
May
MAM

0.19
0.23
0.25
0.22

0.13
0.14
0.11*
0.13

0.19
0.22
0.24
0.22

Jun
Jul
Aug
JJA

0.23
0.17
0.20
0.20

0.10*
0.14
0.15
0.14

0.18
0.14*
0.20*
0.16

Sep
Oct
Nov
SON

0.20
0.20
0.15*
0.19

0.18
0.18
0.16
0.17

0.25
0.24
0.19
0.21

close to the spring maximum in contrast to the SH where the
spring maximum stands alone.
The RE of the NH land snow based on the whole timespace domain (0.22, Table 1) is in agreement with the RE estimates obtained by Groisman et al. (1994, Fig. 9) for the
coldest temperatures they considered (–8° to –14°C). Their
RE estimates for warmer temperatures are smaller (decreasing
to 0.05 as surface air temperature increases to 0°C).
c Spatial Variability of the Ice/Snow RE
The following results are based on Fig. 2 showing the
ice/snow RE for each grid box. The RE is calculated as the
linear regression coefficient at all locations where the correlation coefficient between the ice/snow concentrations and
TOA albedo is significant at the 99% level. The spatial distribution of the ice/snow RE (Fig. 2) depends on the seasonal
variability of the ice/snow concentrations (Fig. 3). The TOA
albedo seasonal variability is small and almost uniform with
standard deviations ranging from 0.05 to 0.1 for most locations where sea ice or land snow appears and the correlation
coefficient between the ice/snow concentrations and the TOA
albedo is statistically significant (Fig. 4).
We may classify the spatial patterns of RE into three types.
Type I is characterized by the RE values close to the overall
RE estimates based on the whole time-space domain (Fig. 1,
Table 1) and correlation coefficients above 0.8. Type I conditions are found in the peripheral seas in the NH, and in almost
the entire Southern Ocean and NH land area (Fig. 2). These
regions have high seasonal variability of the ice/snow
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0.1
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The spatial distribution of the radiative effectiveness (RE) based on linear regression between monthly values of the TOA albedo and ice/snow
concentrations for (a) NH sea ice, (b) SH sea ice, and (c) NH land snow. Only the locations with correlation coefficients significant at the 99% level
are plotted. The RE at each grid box is based on time series 64 months long (November 1984–February 1990) equatorward of the polar circles, and at
least 30 months long poleward of the polar circles for only the sunlit grid boxes up to 52 months long when the data from the NOAA-9 and/or NOAA10 satellites are available (February 1985–May 1989).

concentrations (from 0% to 100% at most locations) and high
frontal activity, so abundant clouds decrease the effects of ice
on the TOA albedo (Serreze et al., 1993, 2001). The TOA
albedo changes are small but robust (Figs 1 and 4). This type
also includes the areas with slightly higher than average
ice/snow REs in the southern regions for land snow and in the
Amundsen Sea (Figs. 2b and 2c).
Type II regions have very high RE values resulting from very
small variability of the ice/snow concentrations and small but
robust changes in the TOA albedo similar to Type I. Local correlation coefficients between them are about 0.5 and statistically significant. Type II conditions occur only in the perennial

sea-ice region in the central Arctic (Fig. 2) where SIC varies, for
the most part, between 80% and 100%, while TOA albedo
varies between 0.5 and 0.7. Thus, while the SIC seasonal variability is much smaller compared to the Type I regions (Fig. 3a),
the TOA albedo seasonal variability is comparable (Fig. 4a).
Figure 1a shows a significant increase in the TOA albedo over
SICs higher than 80%.
Type III regions also have very small seasonal variability
of the ice/snow concentrations, which have no statistically
significant correlations with the TOA albedo. The regions
described by the Type III conditions are left white on Fig. 2.
These regions include the middle of the central Arctic,
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The spatial distribution of standard deviation of monthly concentrations of the (a) NH sea ice, (b) SH sea ice, and (c) NH land snow. The estimate at
each grid box is based on the time series 64 months long (November 1984–February 1990) equatorward of the polar circles, and 52 months long poleward of the polar circles when the data from the NOAA-9 and/or NOAA-10 satellites are available (February 1985–May 1989).

Weddell and Ross seas, with perennial sea ice, and the lower
latitude areas where sea ice or land snow appear infrequently.
4 Conclusions and discussion
Using more than five years of ERBE all-sky TOA albedo
monthly data from the 2.5° × 2.5° grid over the polar oceans
and NH land, we found that when sea-ice or land-snow cover
varies from 0% to 100%, the TOA albedo changes by about
0.2 with small seasonal changes.
This value is robust across all areas with high ice/snow
cover seasonal variability. Over the open ocean and snowfree land, the TOA albedo values are much higher than the

surface albedo range caused by the solar zenith angle variations. Over the 100% ice/snow concentrations, the TOA albedo lies within the surface albedo range caused by the changes
in the ice/snow properties and/or the presence of vegetation
over land. At the same time, over the areas with perennial sea
ice, where SICs are correlated with the TOA albedo, the range
of the TOA albedo is small but robust as it is over the peripheral seas while, in general, the SIC varies between 80% and
100%. This results in very high RE values, however, the
changes in the TOA albedo are likely due to the changes in
the sea-ice properties and cloud variations rather than SIC
changes.
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0.05

30

0.1

0.15

The spatial distribution of monthly TOA albedo standard deviation for the area of maximum extent of the a) NH sea ice, (b) SH sea ice, and (c) NH
land snow. The estimate at each grid box is based on time series 64 months long (November 1984–February 1990) equatorward of the polar circles,
and at least 30 months long poleward of the polar circles for only the sunlit grid boxes up to 52 months long when the the data from the NOAA-9 and/or
NOAA-10 satellites are available (February 1985–May 1989). The maximum extent of the ice/snow cover includes the grid boxes where ice/snow concentrations were non-zero during at least one month of these time periods.

In general, our estimates of RE necessarily assume the
covariability (or anti-covariability) of all TOA albedo-influencing factors with surface conditions as actually occurred
during the period of our analysis. For example, positive or
negative de-facto correlation in the cloud cover with the ice or
snow cover results in a respective increase or decrease in our
TOA albedo RE estimate. A similar, although more subtle,
mechanism is a possible correlation between the percentage
of snow cover and the surface albedo of the snow-free land:
positive correlations increase the RE of snow cover, and negative correlations decrease it.

The presence of a high amount of cloud during the whole
year in the polar regions shields the effects of the surface on
the reflected SW radiative fluxes at the TOA (cf. Ingram et
al., 1989; YC97). If the sea-ice retreat in response to the surface warming is associated with increased cloudiness, the latter would reduce the effect of the ice-albedo feedback and its
ability to amplify surface warming. However, during seasons
when the amount of incoming solar radiation at the TOA is
high, the estimated 0.2 radiative effectiveness of ice and snow
is enough to influence the reflected SW radiation. In summer,
there is more than 400 W m–2 of SW radiation incoming to
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the polar latitudes. Local reduction of SICs from 100% to 0%
would then result in a decrease of about 80 W m–2 in reflected (and thus increase in absorbed) SW radiation. The
observed negative trends in the Arctic sea-ice extent during
1978–96 (Parkinson et al., 1999; Serreze et al., 2000) have
been largest in summer and early autumn in many areas
where the correlations between the SIC and TOA albedo
anomalies are high (e.g., Arctic peripheral seas). This implies
that the increase in absorbed radiation has a substantial
impact on the local SW radiation balance.
These estimates of the TOA albedo response to sea-ice and
land-snow cover percentage changes provide a useful constraint to test current climate models. Simplified models (e.g.,
Gildor and Tziperman (2000) who use constant albedo for the
atmosphere) should calibrate the ice/snow-albedo feedback,
using the ~0.2 value of TOA RE of sea-ice and land-snow
cover, rather than larger values based on surface albedo
changes. These estimates can also be useful for evaluation of
GCMs used for long-term climate change studies as they differ significantly in simulating both the sea-ice cover and
cloud variation in the polar regions (Holland and Bitz, 2003;
Zhang et al., 2005). The question is whether the model clouds
modify the ice/snow-albedo feedback as much as actual
clouds do. Cloud variations and their radiative forcing in the
polar regions still remain uncertain.
This study examined the total-sky estimates of the ice/snow
effects on the TOA albedo using monthly data from the ERBE
program. We extended the few earlier studies of broadband TOA
albedo, which either treated only snow or were limited to smaller regions or shorter periods (Groisman et al., 1994; YC97).
Understanding the physics behind the RE values found here will

require a combination of large-scale (satellite) data analysis,
more detailed but spatially and temporally limited ground-based
observations, and modelling studies resolving clouds. The new
data are currently becoming available from the NASA Earth
Observing System where the radiation and atmospheric properties are derived using improved algorithms (Wielicki et al., 1995,
1996). Much improved surface and cloud scene identification
over ice/snow surfaces (Kato and Loeb, 2005) will help to separate the effects of ice, snow, and clouds on the radiative fluxes,
and to assess the ability of clouds to modify the ice/snow-albedo
feedback.
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